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Abstract 

A new model of nitrogen isotopes incorporated into the three-dimensional ocean component of a global 

Earth System Climate Model suitable for multi-millennial timescale simulations is presented.  The 

model includes prognostic tracers for the stable nitrogen isotopes, 
14

N and 
15

N, in the nitrate, 

phytoplankton, diazotroph, zooplankton, and detritus variables of the marine ecosystem model.  

Fractionation during NO3 assimilation by phytoplankton, denitrification and excretion are considered 

as well as the input of atmospheric nitrogen via nitrogen fixation.   A global database of ŭ
15

NO3 

measurements is constructed and compared to the model results on a regional basis where sufficient 

observations exist.  It is shown that a model version that includes simple formulations of sedimentary 

denitrification and iron limitation on the growth rate of diazotrophs shows a much better agreement 

with N* and ŭ
15

NO3 observations than model versions that neglect one or both of these processes.  

These model experiments suggest that an approximately 1.5:1 ratio of sedimentary denitrification to 

water column denitrification is needed to achieve the observed oceanic ŭ
15

NO3 average near 5ă when 

simulated to steady-state.  Sedimentary denitrification in the Atlantic Ocean is found to be the primary 

mechanism which creates an ecological niche for enough N2 fixation to occur in the North Atlantic to 

match ŭ
15

NO3 observations.  Iron limitation shifts the main location of N2 fixation from the Eastern 

Tropical South Pacific to the Western North Pacific and prevents a tight coupling between 

denitrification and N2 fixation in the Eastern Pacific which occurs if iron limitation is neglected.  

Nitrate deficient waters from denitrification zones that occur at depths which can mix into the deep 

ocean can remain in nitrate deficit until this water reaches the surface. We speculate that a centennial to 

millennial timescale may exist before N2 fixation can completely balance changes in denitrification, 

which might have contributed to the glacial-interglacial changes of atmospheric CO2. 

   

1.  Introduction 
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 The oceanic nitrogen cycle is an important component of Earth's climate system because 

biologically available (fixed) nitrogen is one of the key limiting nutrients for photosynthesis which 

drives sequestration of CO2 from the atmosphere and surface ocean into the deep ocean.  Changes in 

this so-called biological pump have been hypothesized to account for a significant amount of the 

glacial-interglacial fluctuations in atmospheric CO2 [McElroy, 1983; Falkowski, 1997].  The size of the 

oceanic fixed nitrogen inventory regulates the efficiency of the biological pump and hence atmospheric 

CO2 concentrations.   

 Although the primary source and sink processes that contribute to the oceanic fixed N budget 

are relatively well known, the quantification of their fluxes is still associated with considerable 

uncertainty [Codispoti et al., 2001; Brandes and Devol, 2002; Altabet, 2007; Codispoti, 2007].  

Planktonic N2 fixing microorganisms (e.g. diazotrophs) that convert atmospheric N2 gas into fixed 

nitrogen are regarded as the dominant source with minor contributions from riverine and atmospheric 

deposition.  The dominant sink term is denitrification, which occurs in suboxic (O2 < 5 ɛM) water and 

the sea floor sediments, as microbes use NO3 instead of O2 as the electron acceptor during the 

remineralization of organic matter. They convert NO3 into a gaseous form of nitrogen (N2O and N2) 

that is not readily available for uptake by most phytoplankton and that can exchange with the 

atmosphere [Codispoti and Richards, 1976].  The annamox reaction may also be a significant loss term 

[Kuypers et al., 2005 and 2006; Thamdrup et al., 2006], but its global distribution is not well 

established.  Minor contributions of nitrogen loss occur from sediment burial of organic matter.  Thus, 

the global fluxes of N2 fixation and denitrification are the key processes determining the balance or 

imbalance of the oceanic fixed N budget.  However, nitrogen fixation and denitrification are not 

independent processes.  They are coupled because denitrification creates relatively low NO3, high PO4 

conditions that favor nitrogen fixers over other phytoplankton [Tyrell, 1999].  Thus, a negative 

feedback exists such that an initial perturbation, e.g. an increase in denitrification and a decrease in the 
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global oceanic fixed N inventory, will lead to higher N2 fixation, which will dampen the effect on the 

global oceanic fixed N inventory.  However, just how tightly this coupling operates remains 

controversial, since other processes, such as iron limitation of nitrogen fixers [Moore and Doney, 

2007], can modulate the interaction between denitrification and N2 fixation. 

 Nitrogen isotope observations in the water column and sedimentary records provide constraints 

on estimates of fixed nitrogen sources and sinks.  Nitrogen exists in the form of two stable isotopes, 

14
N and 

15
N.  Their ratio can be described as  

 

 
15 15 14[( / 00/) 1 0]sample ATMN N RNd ³=        (1) 

 

where RATM is the atmospheric ratio  (
15

N/
14

N)atmospheric = 0.0036765 [Fogel and Cifuentes, 1993].  Each 

isotope has a budget equation that depends on the fluxes due to different physical and biological 

processes, some of which preferentially add or remove one of the isotopes with respect to the other.  

The degree of this isotopic discrimination, or fractionation, for each process can be quantified with a 

fractionation factor, Ů = (
14

k/
15

k - 1) x 1000, where k is the specific reaction rate for each isotope. We 

will refer to the 'isotope effect' as the effect that each process has on the oceanic ŭ
15

N signal.   

 N2 fixation introduces nitrogen into the oceanic fixed N budget close to the atmospheric N2 

isotope ratio (ŭ
15

N = ~ -2 ī 0ă) since little fractionation occurs during N2 fixation [Minagawa and 

Wada, 1986; Macko et al, 1987; Carpenter et al., 1997; Delwiche and Steyn, 1970].  Denitrification 

preferentially consumes 
14

NO3 leaving a residual oceanic pool enriched in the heavier 
15

NO3 with a 

fractionation factor observed near 25ă [Cline and Kaplan, 1975; Liu and Kaplan, 1989; Brandes et al, 

1998; Altabet et al., 1999; Voss et al., 2001; Sigman et al., 2003].  Sedimentary denitrification is 

limited by the amount of NO3 that diffuses into the sediments.  It consumes nearly all of the NO3 

available, leaving no significant residual pool enriched with 
15

N and thus it is expected to have little 
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isotope effect on the residual NO3 pool in the ocean [Brandes and Devol, 1997].  The average oceanic 

ŭ
15

NO3 value near 5ă [Sigman et al., 1997; Sigman et al., 1999] can therefore be interpreted as the 

balance between the isotope effects of water column denitrification and N2 fixation.             

 The interpretation of the ŭ
15

N signal in the water column and sediments is complicated by 

fractionation processes within the food chain.  Marine phytoplankton preferentially assimilate the 

lighter 
14

NO3 into their biomass with a range of fractionation factors estimated in the field between 5ă 

- 9ă [Wada, 1980; Altabet et al., 1991; Altabet and Fracois, 1994; Wu et al., 1997; Waser et al., 1999; 

Altabet et al., 1999; Sigman et al., 1999; Altabet and Francois, 2001; DiFiore et al., 2006], with the 

majority of estimates closer to 5ă.  No nitrogen is lost or gained from the ocean during NO3 

assimilation but the lighter 
14

N is removed more efficiently from the surface and its subsurface 

remineralization causes the general trend of decreasing ŭ
15

NO3 with depth throughout the ocean except 

near locations where N2 fixation and/or denitrification are affecting the ŭ
15

NO3 signal.  Distinguishing 

between the different isotope effects remains a challenge most notably in denitrification zones where 

all of these processes may be affecting the ŭ
15

N signal to some extent.  Since N2 fixation introduces 

relatively isotopically light nitrogen and denitrification preferentially removes isotopically light 

nitrogen relative to the oceanic average, any coupling between the two would likely dampen the true 

isotope effect observed from each process alone [Naqvi, 2007].  The isotope effect of NO3 assimilation 

by phytoplankton adds another level of complexity and limits our ability to use nitrogen isotope 

observations to determine the balance or imbalance of the global oceanic fixed N budget.   

 This modeling study presents a global ocean-atmosphere-sea ice-biogeochemical model 

amended with a dynamic nitrogen isotope module.  Comparison of model results with ŭ
15

N 

observations will be used to quantify processes that affect the global oceanic distribution of ŭ
15

N.  We 

hope that the models will be a useful tool to better understand variations of ŭ
15

N in the past and 

present, as recorded in ocean sediments and in the water column, which may not be possible from the 
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observations alone.  The main purpose of this paper is to provide a detailed description of the model 

and an assessment of its skill in reproducing present day ŭ
15

NO3 observations.  Sensitivity experiments 

are presented, illustrating the effects of sedimentary denitrification and iron limitation on the growth 

rates of nitrogen fixers on the global oceanic fixed N cycle and its isotopes. 

    

2.  Model Description 

 The physical model is based on the University of Victoria Earth System Climate Model [Weaver 

et al., 2001], version 2.8.  It includes a global, three dimensional general circulation model of the ocean 

(Modular Ocean Model 2) with state-of-the-art physical parameterizations such as diffusive mixing 

along and across isopycnals, eddy induced tracer advection [Gent and McWilliams, 1990] and a scheme 

for the computation of tidally induced diapycnal mixing over rough topography [Simmons et al., 2004].  

Nineteen vertical levels are used with a horizontal resolution of 1.8ºx3.6º.  In order to improve the 

simulation of equatorial currents we have increased the meridional resolution in the tropics to 0.9º 

(between 10ºS ī 10ºN and smoothly transitioning to 1.8º at 20ºN/S), and added an anisotropic viscosity 

scheme [Large et al., 2001].  A more detailed description of this parameterization and its effect on the 

equatorial circulation can be found in Appendix A.  A two dimensional, single level energy-moisture 

balance model of the atmosphere and a state-of-the-art dynamic-thermodynamic sea ice model are 

used, forced with prescribed NCEP/NCAR monthly climatological winds.   

 

2.1 The Marine Ecosystem Model 

 The marine ecosystem model is an improved NPZD ecosystem model of Schmittner et al. 

[2008] (Fig. 1).  The inorganic variables include dissolved oxygen (O2) and two nutrients, nitrate (NO3) 

and phosphate (PO4), which are changed by biological processes in fixed elemental ratios (RN:P = 16, 

RO:P = 170).  The organic variables include two classes of phytoplankton, nitrogen fixers (diazotrophs) 
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(PD) and a general phytoplankton class (PO), as well as zooplankton (Z) and particulate detritus (D).  

The addition of diazotrophs and dissolved oxygen to the traditional NPZD model allows for the 

simulation of denitrification and N2 fixation, two key processes affecting ŭ
15

N.  Figure 2 compares the 

global annual distribution of surface NO3 and subsurface (300 m) O2 with the World Ocean Atlas 2005 

(WOA05) climatological database.  A significant addition to this version is a limiting term for 

denitrification, LNO3 = 0.5[tanh (NO3 ï 5) + 1], which approaches zero as NO3 is consumed below 5 

ɛM (See Eq. 9). 

2.2 The Nitrogen Isotope Model 

 The nitrogen isotope model simulates the exchange of the two nitrogen isotopes, 
14

N and 
15

N, 

throughout the marine ecosystem.  Five new prognostic variables of ŭ
15

N are embedded within the 

marine ecosystem model for all compartments containing nitrogen: nitrate, diazotrophs, phytoplankton, 

zooplankton and detritus (Fig. 1).  The processes that fractionate between the nitrogen isotopes are NO3 

assimilation during photosynthesis, excretion of inorganic nitrogen by zooplankton, and water column 

denitrification.  Fractionation results in the isotopic enrichment of the more reactive, 

thermodynamically preferred, light 
14

N into the product of each reaction by a process-specific 

fractionation factor, Ů.  For a detailed discussion of nitrogen isotope fractionation dynamics see 

Mariotti et al. [1981].  N2 fixation will affect ŭ
15

N by introducing atmospheric N2 (ŭ
15
N = 0ă by 

definition) into the fixed N pool.     

 The open system fractionation equation is used for fractionation during NO3 assimilation 

[Altabet and Francois, 2001]:        

 

  15 15

3 (1 )O ASSIM ASSIMP NO ud d= - -É ,      (2) 

 

where ŭ
15

P0 is the ŭ
15

N of phytoplankton biomass assimilated during one time step, ȹt,  uASSIM is the 
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fraction of NO3 available that is converted into biomass (uASSIM = JOPO x ȹt / NO3).  The open system 

equation is used here to ensure that when phytoplankton assimilate all available NO3 into their biomass 

(i.e. uASSIM = 1) they will incorporate the same ŭ
15

N value as that of the source material.  Many studies 

have estimated the fractionation factor in both laboratory and ocean environments.  A wide variety of 

values have been reported in culture settings ranging from 0.7ă to 23ă [Wada and Hattori, 1978; 

Montoya and McCarthy, 1995; Waser et al., 1998].  A more confined range has been observed in field 

estimates from 5ă to 9ă [Wada, 1980; Altabet et al., 1991; Altabet and Fracois, 1994; Wu et al., 

1997; Altabet et al., 1999; Sigman et al., 1999; Altabet and Francois, 2001; DiFiore et al., 2006] .  In 

our model we choose a value of 5ă which is near the majority of field estimates and also in agreement 

with Waser et al. [1998]'s value of 5.2ă when NO3 was used as the substrate during assimilation. 

 Nitrate in suboxic waters have been observed to have much higher ŭ
15

N values due to 

denitrification.  Observations from present day suboxic zones in the Eastern Tropical North Pacific 

(ETNP) and the Arabian Sea (AS) have reported fractionation factors around 25ă [Cline and Kaplan, 

1975; Liu and Kaplan, 1989; Brandes et al., 1998; Altabet et al., 1999; Voss et al., 2001; Sigman et al., 

2003], a value which we adapt in the model.  Fractionation during denitrification is also simulated 

using the open system fractionation equation 

 

  15 15

3 3 (1 )OX

DENI DENINO NO ud d= - -É           (3) 

 

where NO3
OX

 is the oxygen-equivalent reduction of nitrate during denitrification that gets converted 

into N2 gas.  The term uDENI is the fraction of available NO3 which is reduced into N2 gas (uDENI = ɛDD 

x 0.8 x RO:N x r
NO3

sox  x LNO3 x ȹt / NO3).     

 Excretion is the process responsible for the step-wise enrichment of  ŭ
15

N along the trophic 

chain in our model and is simulated using the instantaneous fractionation equation: 
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  15 15

3 EXCRŭ NO =ŭ Z Ů- .        (4) 

 

The instantaneous fractionation equation is used because excretion will always be a small fraction of 

the total zooplankton biomass.  Excreted nitrogen has been measured to be consistently enriched by 

~3ă relative to its body [Checkley, Jr. and Miller, 1989], which is the source of the excreted nitrogen. 

This is also consistent with the average enrichment per trophic level [Minagawa and Wada, 1984] and 

the value used in the model.   

 Implementing these fractionation equations into the marine ecosystem model requires us to 

consider the exchanges of 
14

N and 
15

N separately.  Total nitrogen abundance now has the form        

 

  14 15N = N + N             (5) 

 

for each variable in the isotope model.  A fractionation coefficient is calculated for each process.  For 

example, consider fractionation during NO3 assimilation by phytoplankton.  Following Giraud et al. 

[2000], the isotopic ratio of new nitrogen biomass (PO) is found using equations (1) and (2):  

 

  
15 14

O O
ASSIM

ASSIM ASSIM

d dP P

dt dt
b

å õ
= æ ö

ç ÷

å õ
æ ö
ç ÷

       (6) 

 

where 

 

  
( )15

14

1

1000

ASSIM ASSIM ATM3
ASSIM

3

Ů u RNO
ɓ =

NO

-
- .      (7) 
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Applying equations (5) and (6) gives the amount of new 
15

PO relative to the amount of total new 

nitrogen biomass, which is given by the primary production (JOPO), calculated by the marine 

ecosystem model. 

 

  
15

1

O ASSIM
O O

ASSIMASSIM

d P ɓ
= J

+ ɓdt
P

å õ
æ ö
ç ÷

       (8) 

 

Analogous derivations can be done for all fractionation coefficients. The time-dependent set of 

equations for 
15

N which are embedded into the marine ecosystem are as follows (see Fig. 1): 

   

 
*

2
1 1 1

15

3 EXCR ASSIM ASSIM
D D P P O O O N D D

EXCR ASSIM ASSIM

NO ɓ ɓ ɓ
= R ɛ D+ ɔ Z+R ɛ P J P u J P

t + ɓ +ɓ +ɓ

å õµ
- -æ ö

µ ç ÷
 

                 1 0.8
1

NO3DENI
O:P sox NO3

DENI

ɓ
R r L

+ ɓ

å õ
³ -æ ö
ç ÷

       (9) 

                 

 ( )
15

* 20

1

ASSIM
O O P P O P O P P2 O

O O
ASSIM

P ɓ
= J P R ɛ P R G P Z R ɛ P

t + ɓ

µ
- - -

µ
    (10) 

 

 ( ) ( )
15 15

141

ASSIMD
N D D D D N D D P D

D
ASSIM ATM

ɓP N
= u J P + J P u J P R G P Z

t + ɓ N

å õµ
- -æ ö

µ ç ÷
 

 *               P P D
D

R ɛ P-           (11) 

   

 ( ) ( )
15

2

0 2
1

EXCR
1 P P D Z Z

O D
EXCR

ɓZ
= ɔ R G P +R G P Z ɔ Z R ɛ Z

t + ɓ

µ è ø- -
ê úµ

    (12) 
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15
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1 0 01 P P D P P D P P2
O D D O

D
= ɔ R G P +R G P Z+ R ɛ P +R ɛ P

t

µ è ø-
ê úµ

 

 2            Z Z D D D D

D
+R ɛ Z R ɛ D R w

z

µ
- -

µ
       (13) 

 

where RN=PO, PD, Z, D = 
15

N / (
14

N + 
15

N) is the ratio of heavy over total nitrogen.  This notation follows 

Schmittner et al. [2008] and we refer to that paper for a detailed description (See also Fig. 1).  Here it 

suffices to note that the equations for total nitrogen (
14

N + 
15

N) are identical to the ones of 
15

N except 

that RX = ɓX/(1+ɓX) = 1 in the total nitrogen equations. 

The model was carefully tested with zero fractionation in order to quantify and minimize 

numerical errors, which occur e.g. due to slightly negative values of biological tracers caused by 

inaccuracies of the advection scheme.  The biological code was adjusted to avoid negative 

concentrations as much as possible.  Initially numerical errors in ŭ
15

N ranged from ± 1ă in grid points 

at the sea floor to ± 0.1ă in the upper ocean.  Then we decided to set RATM = 1 instead of RATM = 

0.0036765 which reduced the numerical errors by over an order of magnitude.  This modification 

amounts to a scaling of 
15

N and 
14

N by a constant factor which does not affect the ŭ
15

N dynamics.  The 

remaining numerical errors of Ñ0.1ă in the deep ocean and Ñ0.01ă in the upper ocean are two orders 

of magnitude smaller than the observed variability.  The model is integrated for over 3,000 years as it 

approaches equilibrium.   

 

3.  Nitrogen Isotope Model Results 

 The global variation of surface ŭ
15

N of NO3 and phytoplankton (ŭ
15

PO) in the model is 

dominated by the effects of NO3 utilization by phytoplankton, N2 fixation, and denitrification.  Figure 3 

illustrates results from the full model including all processes (Fig. 3a) as well as results from sensitivity 
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experiments isolating the effect of individual processes (Fig. 3b-e) on the spatial pattern of the global 

ŭ
15

N signal.  The isotope effect of N2 fixation is turned off by setting the diazotroph's isotope value 

equal to that of general phytoplankton class' at each location.  Note that the total nitrogen inventory is 

not changed in any of these simulations. 

 As phytoplankton preferentially assimilate 
14

NO3 into organic matter and draw down surface 

NO3, they leave a residual pool of enriched 
15

NO3.  This surface utilization effect depends on the extent 

to which NO3 is drawn down at the surface and the physical supply of NO3 to the surface.  This is most 

obvious in the NO3 assimilation only experiment (Fig. 3b) which shows high ŭ
15

NO3 values where NO3 

(Fig. 2) is low.  The Southern Ocean follows this general utilization effect well (Fig. 9).  However, 

when NO3 is not well utilized (i.e. the physical supply exceeds the biological uptake), which occurs in 

High Nutrient Low Chlorophyll (HNLC) regions, surface ŭ
15

NO3 is mainly controlled by the source of 

ŭ
15

NO3  being supplied to the surface, which is primarily subsurface water with lower ŭ
15

NO3 values 

approaching 5ă in the deep ocean.  Since there is an abundance of NO3 to consume, phytoplankton 

will efficiently fractionate the isotopes, ŭ
15

PO  = ŭ
15

NO3 - ŮASSIM since the uASSIM term in equation (2) 

will be near 0.  A different response occurs along coastal upwelling regimes where upwelled NO3 is 

nearly completely drawn down.  If phytoplankton incorporate all of the upwelled NO3 into their 

biomass they acquire the isotope value from the source water, ŭ
15

P0 = upwelled ŭ
15

NO3 as the uASSIM 

term equals 1.  The NO3 utilization effect alone creates minima of generally less than 14ă at high 

latitudes and in the equatorial upwelling regimes, and maxima of more than 20ă in the subtropical 

gyres of the southern hemisphere (Fig. 3b).     

 Water column denitrification only occurs at depth but its isotope effect can still be detected at 

the surface due to upwelling and vertical mixing of water enriched in 
15

NO3 (Fig. 3).  This phenomenon 

persists in three locations in the present-day oceans:  the Eastern Tropical North Pacific (ETNP), the 

Eastern Tropical South Pacific (ETSP) and the Arabian Sea.  Deficiencies in the coarse resolution 
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physical circulation model cause the simulation of suboxic water to exist only in one of these locations, 

the ETNP.  The physical circulation model simulates too broad and shallow coastal upwelling which 

underestimates production and the remineralization of organic matter at depth.  This bias leads to 

overestimated O2 concentrations, larger than required for denitrification, in the ETSP and the Arabian 

Sea.  However suboxia in the so-called shadow zone of the ETNP is captured better and investigated 

more in Section 5.2.  In the model minor denitrification also occurs off SW Africa and in the Bay of 

Bengal, which is not observed.  Denitrification alone leads to the simulated maxima of >20ă in the 

Eastern Equatorial Pacific, the Bay of Bengal and the Eastern Tropical Atlantic, values of 10-14ă in 

the tropics and ~8ă at high latitudes (Fig. 3C).   

 Nitrogen fixation introduces atmospheric nitrogen (ŭ
15

NATM = 0ă) into the fixed N inventory, 

which is much lower than the oceanic average near 5ă.  The fixation of N2 gas into organic matter 

requires the break-down of the triple N bond which is much more energetically-expensive than 

converting NO3.  Therefore, in the model diazotrophs are only allowed to grow in waters warmer than 

15°C, and their growth rate is handicapped by a factor of 0.5 compared to the general phytoplankton 

class.  They however are not limited by NO3 and will flourish in low N* = NO3 - 16xPO4 waters caused 

by denitrification.  Diazotrophs will uptake NO3 if it is available in the model, consistent with culture 

experiments [Holl and Montoya, 2005].  Denitrification therefore creates an ecological niche for 

diazotrophs [Tyrell, 1999].  There is no iron (Fe) limitation on the growth rate of diazotrophs in the 

CNTRL simulation despite that the best studied diazotroph Trichodesmium does require Fe to grow 

[Sanudo-Willhelmy et al., 2001].  However, the Fe requirements of less studied diazotrophs, which may 

contribute to a significant portion of global N2 fixation [Karl et al., 2002] are not well constrained so 

this simplification may be valid.  In the model simulations the majority of N2 fixation occurs in 

oligotrophic waters downstream of denitrification in the Pacific Ocean (Fig. 5).  

 The ability of diazotrophs to fix atmospheric N2 into the oceanic fixed N inventory is an 
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important negative feedback that can keep the oceanic fixed N budget in balance.  This feedback 

depends on how efficiently low N* waters in denitrification zones can reach surface waters suitable for 

N2 fixation to occur.  In the CNTRL simulation the majority of N2 fixation occurs just outside the high 

nutrient waters along the Eastern Pacific cold tongue.  Nearly all of the low N* water from 

denitrification that reaches the surface here is restored back near N*=0 (Fig. 6) showing that N2 

fixation is very efficiently balancing the nitrogen loss from denitrification.  Although 65% of 

denitrification in the model occurs near 300 m depth, denitrification continues to occur in the ETNP up 

to 1100 m depth.  Denitrification in the model may be overestimated because suboxic water in WOA05 

exists up to ~800 m, but it still suggests that denitrification can occur at greater depths. This deep low 

N* water does not reach the surface as efficiently limiting the amount of N2 fixation that can balance 

denitrification occurring in the deeper ocean.  This is evident in the Pacific Ocean as N2 fixation does 

not completely balance denitrification (Fig. 7) even though at the surface outside of denitrification 

zones N* is restored to nearly 0 (Fig. 6).  This suggests that the nitrogen deficit in the Pacific is due to 

the low N* water escaping out of the Pacific through the deep ocean circulation without reaching the 

surface where N2 fixation could restore N* to 0 and balance the Pacific Ocean fixed N budget.  

Fractionation during excretion has only a minor effect on the distribution of ŭ
15

N in the surface ocean 

(compare Fig. 3a, 3e), certainly much smaller than the other three processes discussed above. 

 

4.  Model Experiments 

 The default version of the model, referred to as CNTRL in the following, includes neither 

sedimentary denitrification nor Fe limitation of nitrogen fixers.  Three additional experiments are 

therefore performed to test the impacts of these processes.  These experiments are referred to as 

SedDeni (sedimentary denitrification), FeLim (iron limitation on the growth rate of diazotrophs), and 

SD+FeL (both included) in the following.  It should be noted that these highly simplified 
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parameterizations are used to mimic these processes and the results of these sensitivity experiments 

should be interpreted more qualitatively then quantitatively.  

4.1 Sedimentary Denitrifi cation 

 One significant shortcoming of the model is the absence of sedimentary denitrification, which 

has been estimated to be the largest sink term in the global oceanic fixed N budget [Codispoti., 2007].    

We implement the metamodel equation of Middleburg et al. [1996] into based on labile carbon flux 

(Fc) into the sediments, bottom water concentrations of NO3  and O2, and depth (Z): 

 

 SedDeni = ŬSD x10  ̂[-2.2567 - 0.1850 x log(Fc) - 0.2210 x log(Fc) x log(Fc)  

   - 0.3995 x log(NO3) x log(O2) + 1.2500 x log(NO3) + 0.4721 x log(O2)  

   - 0.0996 x log(Z) + 0.4256 x log(Fc) x log(O2)]    (14) 

 

We assume that the flux of labile carbon flux (Fc) occurs at a ratio of RC:N = 7.5 of the sinking detritus. 

Since the coastal shelfs are not well resolved in the model we use an additional parameterization for the 

shelf systems.  If the ocean grid box is adjacent to any land mass, the amount of carbon sinking through 

130 m depth is multiplied by the coefficient SHELF and is fluxed into the shelf sediments.  The 

SHELF coefficient is a constant set to 0.5.  The remaining carbon, Fc x (1 - SHELF) continues to sink 

to greater depths.  This simple parameterization likely overestimates sedimentary denitrification on 

narrow shelfs (e.g. the East African shelf) and underestimates sedimentary denitrification on broader 

shelfs (e.g. the Eastern North American shelf, Southeastern South American shelf).  This results in a 

broader global distribution of sedimentary denitrification than which probably occurs.  The physical 

circulation model's inability to fully resolve coastal upwelling systems also underestimates primary 

production and sinking carbon fluxes on the continental shelfs and hence the resulting sedimentary 

denitrification.  To account for this, we arbitrarily multiply the sedimentary denitrification rate by a 
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coefficient ŬSD tuned to 6.5 to set the deep oceanic ŭ
15

NO3 average of the in the model to ~5ă, similar 

to the method used by Deutsch et al. [2004] and Brandes and Devol [2002] to estimate sedimentary 

denitrification. Sedimentary denitrification does not fractionate nitrogen isotopes but does induce more 

N2 fixation which lowers the global oceanic ŭ
15

N signal.  Without this parameteriztion, the deep 

oceanic ŭ
15

NO3 average will drift above 7ă which occurs in CNTRL.  The tuning parameter ŬSD was 

also tested at the value 6 and 7 which resulted in deep oceanic ŭ
15

NO3 averages of 5.2ă and 4.95ă, 

respectively.  Figure 4 shows the spatial distribution of sedimentary denitrification compared with total 

(sedimentary + water column) denitrification.  In the model ~95% of the sedimentary denitrification 

occurs within this shelf parameterization.     

4.2  Iron Limitation  

 Another experiment is designed to simulate a potential Fe limitation on diazotrophs (FeLim).  

The iron use requirements for growth supported by N2 fixation based on the nitrogenase complex was 

found to be 2.5 - 5.2 times greater than that of fixed nitrogen assimilating phytoplankton and further Fe 

requirement may also exist due to physiological phenomena not directly related to the structural and 

bioenergetic Fe demand of nitrogenase, such as the variations in Fe catalyst stoichiometry [Sanudo-

Wilhelmy et al., 2001; Raven et al., 1999].  An idealized Fe limitation simulation is done here by 

decreasing the growth rate of diazotrophs where dissolved Fe deposition flux estimates from Fan et al. 

[2006] are the smallest by an additional factor of 0.5 and the comparison of resulting N2 fixation 

signals are shown in Figure 5.  The region where the majority of N2 fixation occurs in the model 

changes from the Eastern Tropical South Pacific to the Western Tropical North Pacific.  This prevents 

the tight coupling of N2 fixation and denitrification in the Eastern Tropical Pacific and allows low N* 

water to flow away from the denitrification zone before N2 fixation occurs.  Water column 

denitrification in the Eastern Pacific is reduced by ~40% due to less local input of new nitrogen via N2 

fixation. This experiment shows that proximal N2 fixation near the denitrification zones stimulates 
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growth, and remineralization at depth, which further increases rates of water column denitrification and 

N2 fixation (Fig. 7) leading to excessive surface N* in the Eastern Equatorial Pacific compared with 

observations (Fig. 6).  The CNTRL simulation overestimates N* in the Southern Tropical Pacific, 

whereas the FeLim experiment simulates a much better fit with observations, suggesting that aeolian 

Fe deposition is limiting N2 fixation to some degree and affecting its spatial pattern.                

  

4.  Model Evaluation 

 The relatively small number of ŭ
15

N observations and the sparse spatial and temporal coverage 

makes a full global assessment with our model impossible.  However, particular regions have been 

sampled sufficiently enough to provide a meaningful comparison with the model results.  All 

observations are horizontally interpolated onto a 5° x 5° grid using a Laplacian weighted algorithm.  

The depth levels are consistent with the WOA05 and a linear interpolation is used for depths of missing 

data if nearby data exists.  A global climatological database of ŭ
15

NO3 data has thus been constructed 

and is available for download (http://mgg.coas.oregonstate.edu/~andreas/Nitrogen/n15database.html).  

Figure 8 shows the annually averaged global distribution of available observations averaged over 200 

m - 300 m depth to demonstrate the spatial coverage but seasonal sampling biases exist depending on 

the region.  Even though a complete global model evaluation cannot be made at this time, regional 

evaluations are still of value.  Since the nitrogen isotope model is embedded within the physical 

circulation and marine ecosystem model, it can only be expected to match observations if the physical 

circulation and marine ecosystem model also simulate oceanographic conditions consistent with the 

respective observations.  Details about the data sets used can be found in their respective subsection.  

Comparisons will be shown for Southern Ocean (Indian-Pacific sector), the Eastern Tropical North 

Pacific, the Western Pacifc and the North Atlantic.  The ŭ
15

N of particulate matter across two 

meridional transects in the Equatorial Pacific and Southwest Indian Ocean are presented as well.  Other 
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regions with available ŭ
15

NO3 observations include the Bering Sea [Lehmann et al., 2005], Northeast 

Pacific [Galbraith, 2006], Indian Ocean [Altabet et al., 1999], and Central Equatorial Pacific [Altabet 

et al., 2001] 

5.1 Southern Indian-Pacific Ocean 

 The Southern Ocean represents a critical region of biogeochemical cycling in the ocean because 

it is the largest open ocean region of incomplete drawdown of the major nutrients.  This results in an 

excess amount of CO2 at the surface which is released to the atmosphere.  The degree to which surface 

nutrients are utilized here may have profound impacts on ocean-atmosphere exchanges of CO2.  This is 

an ideal location to test the skill of the nitrogen isotope model to capture the NO3 utilization effect on 

ŭ
15

N as nutrients are consumed and converted into biomass over a large range of surface NO3 

concentrations.  Figure 9 shows a full comparison with observations recorded in the region [Sigman et 

al., 1999; Altabet and Francois, 2001; DiFiore et al., 2006].  This data set compiles observations from 

8 cruises of covering all four seasons.  Since all cruises do not cover the same location, some seasonal 

biases occur but we still use an annual average for maximum spatial coverage.  The model does not 

capture interannual variability (due to the prescribed monthly climatological winds) of some 

observations but it still captures the general trend of increasing ŭ
15

NO3 with decreasing NO3 (Fig. 9a).  

The largest discrepancy is the too heavy model ŭ
15

NO3 surface values (Fig. 9b, d).  These values occur 

near the southern coast of Australia where the model overestimates the draw down and utilization of 

surface NO3 compared to observations from these cruises (Fig. 9a,c), but the simulated NO3 is in better 

agreement with climatological (WOA05) observations (Fig. 2).  Where the model draws down nearly 

all NO3, the remaining ŭ
15

NO3 becomes as heavy as 30ă and more. Current analytical techniques are 

incapable of measuring ŭ
15

NO3 at these low NO3 concentrations. Therefore, it is impossible to falsify 

this model response.  Lower ŭ
15

NO3 values occur in SD+FeL because the addition of sedimentary 

denitrification, which does not fractionate the isotopes, induces more N2 fixation which introduces 
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relatively light atmospheric nitrogen and lowers the average oceanic ŭ
15

NO3.  

5.2 Eastern Tropical North Pacific   

 The ETNP is one of three regions along with the ETSP and Arabian Sea with persistent suboxic 

zones allowing denitrification to fractionate the nitrogen isotopes. The small spatial scale of suboxic 

zones makes them difficult for the model to simulate accurately.   The ability to reproduce the 

equatorial undercurrent that advects relatively oxygen-rich water from the western basin is important in 

the simulation of the suboxic zone.  The anisotropic viscosity scheme [Large et al., 2001] improves 

equatorial dynamics (See Appendix A).  Most notably the Pacific Equatorial Undercurrent is increased 

from 0.15 m/s to nearly 0.7 m/s, but it is still too weak compared to observations which show velocities 

near 1 m/s (Fig. A2).  The core of the suboxic zone is too far south compared to available data collected 

with ŭ
15

NO3 (Fig. 10) but is in better agreement with WOA05 (Fig. 2).  The underestimation of 

upwelling and production off NW Mexico leads to overestimated O2 subsurface concentrations that 

mix southwards causing the simulated suboxic zone not to extend as far north as observed. 

 Figure 10 shows October-November averaged model O2 concentrations and ŭ
15

NO3 compared 

to observations representing data from cruises taken during October 2000 and November 1999 [Altabet 

et al., ?; Sigman et al., 2005].    Within the region of available ŭ
15

NO3 observations, the model captures 

the general observed trends such as the subsurface maximum.  SD+FeL matches the vertical profile of 

the ŭ
15

NO3 observations better than CNTRL, because of its smaller volume of suboxic water.  Near the 

equator where O2 is underestimated, too heavy ŭ
15

NO3 is simulated due to overestimated 

denitrification.  The underestimated Pacific Equatorial Undercurrent, which is a source of relatively 

oxygen-rich water from the Western Pacific, might be a reason for this model deficiency. 

 The coupling of nitrogen fixation at the surface above denitrification zones where surface NO3 

concentrations are nearly depleted, such as in the ETNP, is a key process that can balance the global 

oceanic fixed N budget.  As waters become suboxic, denitrification begins to remove NO3 from the 
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system creating an ecological niche where diazotrophs can thrive.  If surface NO3 concentrations are 

depleted diazotrophs will fix  new atmospheric nitrogen, the remineralization of which fuels lower O2 

concentrations at depths and more denitrification.  A positive feedback on N2 fixation occurs above 

denitrification zones in the model which is sensitive to the growth rate of diazotrophs. 

 ŭ
15

NO3 in the ETNP decreases towards the surface [Cline and Kaplan, 1975; Brandes et al., 

1998; Voss et al., 2001; Sigman et al., 2005] suggesting a source of isotopically light nitrogen near the 

surface.  Brandes et al, [1998] suggested in the Arabian Sea as much as 30% of primary production 

must have been from new nitrogen via N2 fixation to account for the low surface ŭ
15

NO3 and noted a 

similar pattern in the ETNP.  However Sutka et al. [2004] argue that the preferential remineralization of 

isotopically light organic matter during nitrification is the primary reason for this lighter ŭ
15

NO3 near 

the surface in the ETNP.  The presence of N2 fixation would balance the nitrogen loss, however, if this 

trend is due to the isotope effect of nitrification, this balance would not exist.  Incubation experiments 

by Lehmann et al. [2002] show no evidence for nitrogen isotope fractionation during organic matter 

remineralization in oxic conditions.  Some sediment trap studies have shown that ŭ
15

N of particulate 

matter may be lighter at greater depths compared to just below the euphotic zone [Altabet et al., 1991; 

Thunell et al., 2004; Gaye-Haake et al., 2005].  These observations suggest that the decrease in ŭ
15

NO3 

towards the surface is from the relatviely light atmospheric nitrogen of nitrogen fixers remineralizing 

near the surface.  Otherwise, the organic matter that remineralizes would have a heavier ŭ
15

N value 

similar to the denitrification zone water which upwells and fuels productivity.  When the isotope effect 

of N2 fixation is not considered, the model overestimates surface ŭ
15

NO3 (Figs. 3c).  The input of 

isotopically light atmospheric nitrogen from N2 fixation is required in the model to closely simulate the 

decreasing trend of ŭ
15

NO3 towards the surface.  With this ŭ
15

NO3 constraint met, we can calculate the 

amount of N2 fixation that is directly contributing to the nitrogen loss via denitrification.  CNTRL and 

SD+FeL simulates that 18% and 23%, respectively, of the nitrogen removed from denitrification is 
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being balanced by N2 fixation occurring directly above at the surface in the ETNP.    

5.3 Western Pacific 

 The Western Pacific is downstream to the denitrification zones of the ETNP and ETSP making 

it a potential region where N2 fixation may occur as low N* water flows westward out of the eastern 

high surface nutrient cold tongue.  However, along the equator there is no evidence of isotopically light 

atmospheric N2 being introduced into the system via N2 fixation [Yoshikawa et al., 2006].  This region 

has very low amounts of aeolian dust and dissolved Fe deposition [Jickells et al., 2005; Fan et al., 

2006], which may be a potential mechanism that limits N2 fixation.  If N2 fixation does not occur here, 

this low N* water will need to flow someplace where enough Fe is available to support N2 fixation.  

Since the majority of continental land masses exist in the northern hemisphere, aeolian dust deposition 

is larger in the North Pacific than in the South Pacific (Fig. 5).  Thus, enough dissolved Fe in surface 

water may exist in the Northwest Pacific to support N2 fixation that can restore N* to near zero and 

balance the fixed N budget.  However, the Southern Ocean is the largest HNLC region limited by Fe.  

Low N* water that flows southwards may remain in nitrate deficit until it eventually reaches other Fe 

sufficient water (e.g. in the Atlantic or Indian Ocean) which suggests a multi-centennial timescale of 

interbasin ocean circulation for N2 fixation to completely balance the nitrogen loss from denitrification. 

 Although no data is directly available, we can use published values in this region and compare 

them with our model simulations (Fig. 11).  Three data sets are compared to zonally averaged ŭ
15

NO3 in 

the Western North Pacific at 180 m depth because surface NO3 concentrations are too small to measure 

ŭ
15

NO3 there.  The general trend of the observations is heavier ŭ
15

NO3  near the equator and lighter 

values northwards which suggests more N2 fixation occurring at higher latitudes where aeolian dust 

deposition is larger.  The SD+FeL experiment generally captures this decreasing northwards trend 

while CNTRL simulates the opposite, suggesting that dissolved Fe deposition is an important 

component in supporting growth by N2 fixation and may be limiting the ability of diazotroph's to 
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compensate the fixed nitrogen loss from denitrification.              

5.4 North Atlantic 

 The uncertainties in the processes that affect the nitrogen isotope signal in the North Atlantic 

make it difficult to interpret and model nitrogen isotopes.  Despite considerable study estimates of 

nitrogen fixation, atmospheric N deposition and cycling between nitrogen assimilation and nitrification 

are not well established but may all be significant in this region [Michaels et al., 1996; Lipschultz et al., 

2002; Hansell et al., 2004 and 2007; Knapp et al., 2005 and 2008].  Therefore the nitrogen isotope 

model does not incorporate isotope effects from atmospheric N deposition and nitrification.  This data 

set is from cruises in May 2001, 2004 [Altabet, 2005] October 2002 [Knapp et al., 2008], and May 

2005 [Bourbonnais et al., 2009].  Figure 12 shows the comparison of annual model ŭ
15

NO3 with 

available observations.  CNTRL overestimates the ŭ
15

NO3 values everywhere, most likely due to the 

underestimation of N2 fixation.  Since constant stoichiometry is used in the ecosystem model, barely 

any N2 fixation occurs in the North Atlantic Ocean in CNTRL as water column denitrification, which 

does not occur in the North Atlantic, is the only process that can alter N* and create an ecological niche 

for diazotrophs.  CNTRL simulates a utilization effect similar to the Southern Ocean where only 

fractionation during NO3 assimilation by phytoplankton during photosynthesis affects ŭ
15

NO3.  In 

SedDeni and SD+FeL, sedimentary denitrification occurring off Northwest Africa, Northeast South 

America, and Eastern North America fuel N2 fixation further into the tropical North Atlantic (Fig. 5).  

This reduces the ŭ
15

NO3 across the North Atlantic basin which is in much better agreement with 

observations.  The similarity of SedDeni and SD+FeL suggests that sedimentary denitrification, not 

nitrate-deficient waters from the Pacific, might be the most important mechanism that fuels N2 fixation 

in the North Atlantic.    

5.5 Comparison with ŭ
15

N of sinking organic matter      

 The ability to simulate the ŭ
15

N of sinking organic matter that fluxes into the sediments can be a 
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powerful tool for interpreting changes in sedimentary ŭ
15

N throughout Earth's past climates.  Figure 13 

compares two meridional transects of ŭ
15

N of particulate nitrogen from observations [Altabet and 

Francois, 1994] in the Equatorial Pacific and Southwest Indian Ocean.  The Equatorial Pacific transect 

records generally decreasing values from south to north with a minimum at the equator where 

upwelling causes a small utilization effect to occur.  CNTRL and SD+FeL simulate thise minimum of 

ŭ
15

N at the equator, but only SD+FeL captures the observed north-south trend because the majority of 

N2 fixation occurs in the North Pacific rather than the South Pacific, where it occurs in CNTRL.  In the 

Southwest Indian Ocean transect, the observations record an inverse trend with NO3 concentrations 

suggesting a surface utilization effect.  CNTRL and SD+FeL simulate the magnitude of the general 

trend well but there is a consistent bias throughout the transect as the model ŭ
15

N is ~3-4ă too heavy 

compared to observations.  This may be due to the underestimation of the so-called particle removal 

effect [Altabet, 1988, Altabet and Francois, 1994].  They observe that large fast sinking particles 

exhibit similar variations but are enriched by 2 to 6ă when compared to suspended particles at the 

surface.  The only process in the model that may capture this particle removal effect is fractionation 

during excretion which may be underestimated because it has a small effect on the ŭ
15

N signal (Fig. 

3e).  The trend in SD+FeL is similiar but additional N2 fixation induced by sedimentary denitrification 

causes slightly lower ŭ
15

N values.    

 

6. Discussion 

 We have shown that the nitrogen isotope model captures the essential dynamics to skillfully 

simulate results consistent with available data sets when the physical circulation model and marine 

ecosystem model are also consistent with their respective observations.  Nitrogen isotope observations 

can now be used as an additional constraint to help quantify the global oceanic fixed N budget.  

Sedimentary nitrogen isotope records will be of value to validate the model's ability to simulate 
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previous climate states that are significantly different from the present and the transient changes 

between.  As many different physical and biological processes can affect the nitrogen isotope signal, 

this model can also be used as a tool to help interpret which combination of these different processes is 

most likely driving the changes in sedimentary nitrogen isotope records and reveal how these processes 

have evolved throughout past climates. 

 The addition of sedimentary denitrification in the SedDeni and SD+FeL experiments allow us to 

calculate the global balance of total denitrification and N2 fixation.  This balance sets the deep oceanic 

average of ŭ
15

NO3 which is near 5ă.  Since the majority of sedimentary denitrification occurs on the 

coastal shelves which are not well resolved in the model, we tune sedimentary denitrification to set the 

simulated deep oceanic ŭ
15

NO3 average to 5ă in SD+FeL.  We still cannot be certain if our 

magnitudes of denitrification and N2 fixation are correct, but it is their relative ratios that set the global 

oceanic average of ŭ
15

NO3 which we can analyze here.  As the model runs to equilibrium, N2 fixation 

and total denitrification become balanced so it is the fraction of nitrogen loss which is fractionated 

(water column denitrification) compared to nitrogen loss without fractionation (sedimentary 

denitrification) which will set the global oceanic average of ŭ
15

NO3.  We tune sedimentary 

denitrification using a simple coefficient and find that the ratio of sedimentary denitrification to water 

column denitrification that sets the deep oceanic average of ŭ
15

NO3 to 5ă is ~1.5:1 (Fig. 7).  As our 

climate transitions into the Anthropocene, this steady-state solution may be more valid for the late 

Holocene fixed N budget rather than the present day because of our potentially transient climate state. 

 Our simulations show different spatial and temporal responses of N2 fixation to denitrification 

which represents a negative feedback on the oceanic fixed N inventory.  The SedDeni experiment 

shows that sedimentary denitrification may be the primary mechanism that fuels N2 fixation in the 

North Atlantic Ocean.  While N2 fixation does exceed total denitrification inside the Atlantic Ocean due 

to low N* waters flowing in from the Pacific, our experiments without sedimentary denitrification 



25 

 

(CNTRL, FeLim) do not simulate low enough subsurface ŭ
15

NO3 as observations (Fig. 12).  This 

suggests the observed trend of increased N2 fixation in the North Atlantic during the last glacial-

interglacial transition interpreted by Ren et al. [2009] may be more affected by the increasing sea level 

and resulting area of continental shelfs where the majority sedimentary denitrification occurs compared 

to the increase in water column denitrification and low N* water from the Eastern Tropical Pacific that 

may flow into the North Atlantic and fuel N2 fixation. 

 A direct coupling between denitrification and N2 fixation occurs in the ETNP where the 

combination of suboxic O2 water and nearly completely consumed surface NO3 concentrations exist 

which creates an ecological niche where diazotrophs can thrive and generate more production to fuel 

additional denitrification.  N2 fixation was found to account for 18% and 23% of the nitrogen lost via 

denitrification in the ETNP in CNTRL and SD+FeL, respectively.  A tight coupling was also simulated 

in CNTRL and SedDeni in the Eastern Pacific when Fe did not limit the growth of diazotrophs.  Just 

outside the high nutrient waters off the Eastern Pacific cold tongue diazotrophs were able to grow and 

nearly restore the surface waters back to a value of N* near 0 (Figs. 5, 6).  Given the close proximity to 

the suboxic zones, this new nitrogen was able to flow back into the suboxic regions via the equatorial 

undercurrent and increase production and further decrease O2 concentrations at depth.  However 

denitrification that takes place at greater depths and mixes into the deep ocean may cause this water to 

be in nitrate deficit on the millennial timescale of the deep ocean circulation.  When diazotroph's 

growth rate was decreased in areas of small aeolian dust deposition (FeLim, SD+FeL) , diazotrophs 

were not able to balance the nitrogen loss until the low N* water flowed into the Western Tropical 

Pacific.  In these experiments this new nitrogen does not efficiently flow back into the Eastern Pacific 

which results in less productivity and a smaller volume of suboxic water.  This SD+FeL experiment 

shows more skill in simulating N* (Fig. 6) , O2 (Fig. 10), and ŭ
15

NO3 (Figs. 9e,10) observations 

suggesting that Fe is an important limiting micronutrient for growth by N2 fixation and can prevent a 
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tight coupling between denitrification and N2 fixation.  The ocean circulation then becomes the most 

critical factor in determining the spatial and temporal ability for N2 fixation to balance the nitrogen loss 

by denitrification because the low N* water must be transported to regions with sufficient Fe to support 

N2 fixation.  This represents a potential multi-centennial to millennial time scale for N2 fixation to be 

able to respond to changes in denitrification and completely balance the oceanic fixed N budget as 

some of this low N* water may have to flow into the Atlantic and Indian Ocean basins before the right 

conditions for N2 fixation exist. 

 This SD+FeL experiment is in general agreement with the model of Moore and Doney, [2007] 

which includes Fe as a prognostic tracer.  Their simulations found this stabilizing feedback in their 

model operates on centennial timescales.  The qualitative denitrification-N2 fixation coupling was 

similar to our model with the Pacific Ocean being a sink of fixed nitrogen due to Fe limiting the 

coupling of N2 fixation and denitrification, while the Atlantic and Indian Oceans are a source of fixed 

nitrogen as low N* waters circulate out of the Pacific into these basins which allowed more N2 fixation 

to occur there.  As Moore and Doney [2007] noted, this pattern of N2 fixation differs from the model of 

Deutsch et al., [2007] which simulates a tighter coupling in the Eastern Pacific which is more similiar 

to CNTRL.  Deutsch et al. [2007]'s highest N2 fixation rates occur in the equatorial cold tongue 

upwelling regime in waters with high NO3 concentrations, which may be unlikely because the nitrogen 

fixer Trichodesmium can more efficiently assimilate NO3 during photosynthesis if it is available [Holl 

and Montoya, 2005], which is the case in this region.  Diazotrophs have this ability in our model which 

is why N2 fixation is not simulated there. 

 A potential centennial to millennial timescale delay of N2 fixation to changes in denitrification 

may represent a long enough period to significantly change the global oceanic fixed N inventory.  A 

major change to this inventory can impact the efficiency of the biological pump and atmospheric CO2 

concentrations.  Sedimentary nitrogen isotope records in the Eastern North Pacific interpreted as 
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changes in water column denitrification during the last glacial-interglacial transition generally began 

increasing at ~20 kya and continued until ~14 kya [Ganeshram et al., 1995 and 2000; Emmer and 

Thunell, 2000; Kineast et al., 2002; Hendy et al., 2004].  If water column denitrification did actually 

increase over this period it would suggest that the oceanic fixed N inventory would remain in deficit 

until the increase in water column denitrification came to an end and N2 fixation could completely 

balance this loss, which would occur at a relatively short multi-centennial time scale compared to this 

~6 kyr period of imbalance.  We speculate that this multi-millennial timescale during which the 

nitrogen inventory may have been in deficit might have contributed the rising atmospheric CO2 

concentrations which began at ~17 kyr and leveled off at ~11 kyr [Monnin et al., 2001], ~3 kyr lags 

after the interpreted changes in water column denitrification. 

 

8. Conclusions  

 A new model of nitrogen isotopes has been implemented into the three-dimensional ocean 

component of a global Earth System Climate Model.  We have shown that this model can successfully 

reproduce the general spatial patterns of available ŭ
15

NO3 observations when the physical circulation 

and marine ecosystem model also reproduce results consistent with observations.  Model experiments 

including simple formulations for sedimentary denitrification and Fe limitation on the growth rates of 

diazotrophs simulated a much better agreement with N* and ŭ
15

NO3 observations suggesting these 

processes are important components of the oceanic fixed N budget.  We speculate that N2 fixation and 

denitrification are only loosely coupled due to denitrification that occurs at depths which mix into the 

deep ocean and Fe limitation of nitrogen fixers.  A centennial-millennial time lag might therefore exist 

before a nitrogen loss due to a change in denitrification (caused e.g. by warming) would be completely 

balanced by increased N2 fixation.  Such a time lag might be enough to allow changes in the oceanic 

fixed N inventory to contribute significantly to the observed glacial-interglacial CO2 changes. This 
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model is capable of simulations on the multi-millennial time scales and future applications will include 

simulations of past climates and direct comparison with ŭ
15

N sediment records.  The model might be 

able to provide new insights into important physical and biogeochemical changes in Earthôs history 

such as those involved in glacial-interglacial and millennial variations in ŭ
15

N and climate. 

 

 

Appendix A.  Anisotropic Viscosity Scheme 

 Horizontal viscosity is required in ocean circulation models to resolve the western boundary 

currents and to smooth out numerical noise [Munk, 1950; Bryan et al., 1975; Large et al., 2001].  

Isotropic viscosity schemes apply one large viscosity value needed for these purposes everywhere in 

the model which is not physically realistic outside of these specific areas.  A major deficiency when 

using isotropic viscosities is the underestimation of the Pacific Equatorial Undercurrent which in 

models is typically about 10% compared to what is observed [Large et al., 2001].  The Pacific 

Equatorial Undercurrent is a source of relatively warm, fresh, nutrient-poor and oxygen-rich water that 

flows into the Eastern Pacific which has significant physical and biogeochemical effects.  We 

implement an anisotropic viscosity scheme similar to Large et al. [2001] in the tropics to better resolve 

equatorial dynamics.  Figure A1 shows zonal and meridional surface viscosities used and Figure A2 

shows a comparison at 125°W of the simulated currents with observations in the Eastern Tropical 

Pacific [Kessler, 2006], the region most significantly affected by the anisotropic viscosity scheme. 
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Figure 1.  Schematic of the marine ecosystem model with the nitrogen isotope model parameters in  

color.  
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Figure 2. Comparison between World Ocean Atlas 2005 (WOA05) and annual model (CNTRL) (a) 

surface NO3 (ɛM) and (b) O2 (ɛM) at 300 m depth. 

 

 

 

 

 

 

 

 

 


